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Gasexchange
Standard parametrisation: 

Fatm->oc = w (αCO2 Pa - CCO2,oce) = kex(Pa  - PCO2) = kex ∆PCO2

GasEx 2001 science plan, NOAA-PMEL, R. Feely et al.



Conceptual 2 layer model for air-sea gas exchangeANRV396-MA01-10 ARI 4 November 2008 8:3
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Figure 2
Conceptual view of boundary layer concentration profiles where the resistance to gas transfer is concentrated
in the diffusive sublayers. On the left (blue line) is the concentration profile for an insoluble gas with the
resistance in the aqueous-side diffusive sublayer. On the right (red line) is the profile for a soluble gas with
resistance in the air-side diffusive sublayer. Soluble gases have an Ostwald solubility ≈>100.

MEASUREMENT TECHNIQUES
As described above, the k for CO2, kCO2 , can be determined from other gases through their Sc
number dependence. The measurement of gas transfer velocities and fluxes can be separated into
to three broad categories:

1. Measurement of F in the air above the sea surface and !C in the water to determine k
using Equation 1. These methods are referred to as direct flux measurements or micro-
meteorological approaches and include covariance (or eddy correlation), eddy accumulation,
atmospheric concentration profile, and inertial dissipation techniques.

2. Measurement of Ca (in air) and the change in Cw (in water) as a function of time. Assuming
the water volume and surface area are known, F is then equal to the change in Cw mul-
tiplied by the ratio of the volume to the surface area. Then, k can be calculated with Ca

and Cw using Equation 1. These bulk concentration techniques include mass-balance and
perturbation studies where the concentration of gases in air and water are out of equilibrium
through biological consumption/production, water heating/cooling (N2, O2, CO2, noble
gases), radioactive decay (222Rn), or by purposeful addition (3He, SF6).

3. Proxy techniques where a nongaseous tracer whose air-sea flux is more easily measured is used
as a surrogate for a gas using the principle that all air-water transfer is controlled by the near-
surface hydrodynamics. In field applications, proxy methods are limited to thermographic
methods that use heat.

The mathematical formalism, application, merits, and drawbacks of each method are out-
lined below. The assessment focuses on the challenges, but progress has been significant over
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y. Soluble gas:!
resistance in atmospheric 
diffusive sublayer

Insoluble gas:!
resistance in 
ocean side 
surface diffusive 
sublayer

Henri’s law:!
!
Peq = α C!
!
α = Solubility

Fatm->oc = w (αCO2 Pa - CCO2,oce) = kex(Pa  - PCO2) = kex ∆PCO2

Liss and Slater, 1974, Wanninkhof et al., 2009



kex as a function of 10m windspeed

Southern Ocean gas exchange experiment webpage, NOAA-PMEL, 2008, http://so-gasex.org/index.html

http://so-gasex.org/index.html


pCO2 measurements for global climatology: 
data coverage

2.4. Atmospheric pCO2

The atmospheric pCO2, (pCO2)air, in the reference year 2000 is
computed using:

ðpCO2Þair ¼ XCO2ðPbaro $ PswÞ (3)

where Pbaro is the barometric pressure at sea surface, and Psw is
the water vapor pressure at the temperature and salinity for
mixed layer water. The following values are used: the weekly
mean XCO2 data in dry air from the GLOBALVIEW—CO2 Database
(2006); for Psw, 100% humidity at SST (temperature of bulk mixed
layer water) and surface water salinity from the NOAA’s Atlas of
Surface Marine Data (1994); and for Pbaro, the climatological
monthly mean barometric pressure at sea surface from the NCEP
Reanalysis data (2001). The sea–air pCO2 difference, DpCO2, is
then computed using

DpCO2 ¼ ½ðpCO2Þsw corrected to the year 2000&
$ ½ðpCO2Þair in 2000& (4)

Since CO2 is assumed to be an ideal gas for both (pCO2)sw and
(pCO2)air, the small effects of non-ideality should cancel due to
differencing for pCO2. Positive DpCO2 values indicate that the sea

is a source for atmospheric CO2, whereas negative values indicate
that the sea is a sink.

It should be noted that, while the multi-decadal climatological
mean for SST, sea-surface salinity and barometric pressure are
nearly steady, the atmospheric and surface ocean pCO2 have been
changing over the study period due to emissions of anthropogenic
CO2. Accordingly, to obtain climatological mean distribution and
mean for DpCO2, (pCO2)sw values that were measured in different
years must be corrected to a single reference year. In this paper,
the year 2000 is chosen as the reference year, since it is close to
the mean year for the pCO2 data. Analytical precision for a single
measurement of DpCO2 is estimated to be about 74matm.
However, since a box area often encompasses various oceano-
graphic features (such as currents, eddies, upwelling and patchy
biological activities) (e.g. Li et al., 2005), the uncertainty in mean
DpCO2 values is commonly dominated by (pCO2)sw variations
associated with these features.

2.5. Distribution of measurements

We choose a 41 (latitude) '51 (longitude) spatial resolution
for this study based primarily on the time–space density of the

ARTICLE IN PRESS

Fig. 1. (A) Sampling locations. The black dots indicate the measurements in the 0.94M database used in Takahashi et al. (2002) and the red dots are new measurements
added to the database (3.0M) used in this study. (B) Number of months in each 41'51 box area where at least one surface water pCO2 measurement has been made since
the early 1970s. White areas have no measurements.

T. Takahashi et al. / Deep-Sea Research II 56 (2009) 554–577 557

Takahashi et al., 2009



Annual surface-atmosphere flux distribution:  
Climatology based on 20+ years of ∆pCO2 measurements

zone and especially in the zone north of 141N (Fig. 12C). The high
wind speeds induce not only intense upwelling in the western
Arabian Sea, but also cause high rates of sea–air gas exchange. The
southern temperate Indian Ocean also has higher wind speeds
than the southern Pacific and Atlantic, and hence higher Tr values
ranging between 0.05 in summer and 0.08 in winter. The mean
monthly values (area weighted) for the global ocean are nearly
constant around 0.05 g-Cmonth!1m!2matm!1 (Fig. 12D).

6.3. Global distribution of the net sea–air CO2 flux

The climatological mean sea–air CO2 flux in each box area for
each month is computed by multiplying monthly mean values for
Tr (Eq. (8)) and DpCO2 (Eq. (4)) in each box. Since no significant
correlation of individual DpCO2 values with 6-h mean wind speed
data is found in a single month, the product of monthly mean
values is considered as a valid approximation for the CO2 flux.
Over the polar regions, where sea-ice fields form seasonally, the
following assumptions are made for computing the sea–air CO2

flux. When the ice cover is less than 10%, a box area is assumed to
be all water. For ice covers between 10% and 90%, the flux is
assumed to be proportional to open water area. Since ice fields
have leads and polynyas due to dynamic motions of sea ice as
evidenced by ‘‘sea smoke’’, we accept the estimates by Saunders
and Ackley (personal communication) that 10% of fields is open
water at any given time even in areas where satellite observations
indicate 100% ice cover. The ice cover values used in this study are
based on the NCEP/DOE 2 Reanalysis data (2005) (provided by the
NOAA/OAR/ESRL PSD). The original data given in a Gaussian grid
for 1970–2005 are re-gridded to our 41"51 grid, and the ice cover
values in each pixel are averaged for each month (30.5 days).

6.3.1. Mean annual distribution
Fig. 13 shows the climatological mean annual sea–air CO2 flux

(g-Cm!2 y!1) for the reference year 2000, and Fig. 14 shows 41
zonal aggregates for the flux in the major ocean basins and the
global oceans. The annual fluxes in six climatic zones in each
ocean basin are summarized in Table 6. The equatorial Pacific is
the most prominent source area for atmospheric CO2 with a
seasonally persistent sea-to-air flux of 0.48 Pg-C y!1. Together
with the tropical Atlantic and Indian Oceans, the global tropical
oceans emit 0.69 Pg-C y!1 to the atmosphere. A belt of CO2 sink
zone is located in 20–501 latitudes in the both hemispheres
(Fig. 14). This is attributed primarily to strong winds between 401
and 501S, and the low pCO2 values produced along the subtropical
convergence zone, where the cooled subtropical gyre waters
with low pCO2 meet the subpolar waters with biologically-
lowered pCO2. Together, the mid-high latitude northern
(22–501N) and southern (22–501S) oceans constitute, respectively
a sink of !0.70 and !1.05 Pg-C y!1. A sink area (!0.27 Pg-C y!1) is
seen also in the North Atlantic north of 501N, including the Nordic
Seas and portion of the Arctic. This is attributed to strong
phytoplankton blooms in spring and strong cooling in winter.
The annual CO2 flux over the Southern Ocean seasonal ice
zone is small due to the ice cover that reduces sea–air gas
transfer in winter and by the cancellation of the seasonal source
and sink fluxes.

The mean annual sea–air CO2 flux values for the four major
ocean basins are compared in Table 6. While the Atlantic has only
23% of the global ocean area, it takes up 41% of the annual global
ocean flux of !1.42 Pg-C y!1. On the other hand, while the Pacific
has the largest area (47%), twice as large as the Atlantic, it takes up
only 33% of the global flux. This is due to the large CO2 source

ARTICLE IN PRESS

Fig. 13. Climatological mean annual sea–air CO2 flux (g-Cm!2 yr!1) for the reference year 2000 (non-El Niño conditions). The map is based on 3.0 million surface water
pCO2 measurements obtained since 1970. Wind speed data from the 1979–2005 NCEP-DOE AMIP-II Reanalysis (R-2) and the gas transfer coefficient with a scaling factor of
0.26 (Eq. (8)) are used. This yields a net global air-to-sea flux of 1.42 Pg-Cy!1.

T. Takahashi et al. / Deep-Sea Research II 56 (2009) 554–577 569

Takahashi et al., 2009



Canonical numbers:

• Ocean surface:  Aoc = 360 1012 m2 

• Preindustrial pCO2 = 280 µatm (=~ 280 ppm) 

• Mean ocean depth: Hoc = 3800m 

• Mean surface ocean DIC: DICm =  2’200 mmol m-3 

• Mean preindustrial surface ocean CO2 = 9.7 mmol m-3 

• Solubility of CO2 at 15C and salinity 35‰:  
    38’300 mmol m-3 atm-1 

• Global average transfer velocity for CO2: w = 20 cm hr-1 

• Global average gas transfer coefficient:  
   kex = 0.07 mol m-2 yr-1 µatm-1



Questions

• What is the preindustrial global air to sea flux of carbon 
(in PgC yr-1) ? 

• What is the present day air to sea flux of carbon 
(pCO2=380 µatm)? 

• What is the turnover time of atmospheric CO2 with 
respect to the ocean? 

• What is the global carbon content of the mixed layer 
(~75m)?



Ocean carbonate chemistry 
and acidification



Elementary carbonate chemistry

DIC = H2CO3 + HCO3
- + CO3=!

DIC equations:!
Fas = kex (pCO2,atm-pCO2,oc)!
pCO2,oc = α [H2CO3]!

H2CO3       H
+  + HCO3

- !

HCO3
-       H+  + CO3

=

D. Jacob, Introduction to Atmospheric Chemistry, 1999

Bufferfactor:!
∆pCO2/pCO2  ≈ 10  ∆DIC/DIC



Ocean acidification

Measurements at 
station ALOHA

Ocean Acidification Network, http://ioc3.unesco.org/oanet/FAQacidity.html, Joint et al, 2010,

http://ioc3.unesco.org/oanet/FAQacidity.html


Below the mixed layer:  
carbon pumps



Basic Ocean Structure - Atlantic



Conveyor belt circulation (simplified)

blue: deepwater flow, red: surface flow



Three oceanic carbon “pumps”

530

Couplings Between Changes in the Climate System and Biogeochemistry Chapter 7

Figure 7.10. Three main ocean carbon pumps govern the regulation of natural atmospheric CO2 changes by the ocean (Heinze et al., 1991): the solubility pump, the organic 
carbon pump and the CaCO3 ‘counter pump’. The oceanic uptake of anthropogenic CO2 is dominated by inorganic carbon uptake at the ocean surface and physical transport of 
anthropogenic carbon from the surface to deeper layers. For a constant ocean circulation, to first order, the biological carbon pumps remain unaffected because nutrient cycling 
does not change. If the ocean circulation slows down, anthropogenic carbon uptake is dominated by inorganic buffering and physical transport as before, but the marine particle 
flux can reach greater depths if its sinking speed does not change, leading to a biologically induced negative feedback that is expected to be smaller than the positive feedback 
associated with a slower physical downward mixing of anthropogenic carbon. Reprinted with permission, copyright 1991 American Geophysical Union.

the release of CO2 in surface waters during formation of CaCO3 
shell material by plankton (‘CaCO3 counter pump’).

Organic particles are re-mineralized (oxidized to DIC and 
other inorganic compounds through the action of bacteria) 
primarily in the upper 1,000 m of the oceanic water column, 
with an accompanying decrease in dissolved O. On the average, 
CaCO3 particles sink deeper before they undergo dissolution: 
deep waters are undersaturated with respect to CaCO3. The 
remainder of the particle flux enters marine sediments and 
is subject to either re-dissolution within the water column or 
accumulation within the sediments. Although the POC reservoir 
is small, it plays an important role in keeping DIC concentrations 
low in surface waters and high in deep waters. The loop is closed 
through the three-dimensional ocean circulation: upwelling 
water brings inorganic carbon and nutrients to the surface 
again, leading to outgassing and biogenic particle production. 
Dissolved organic carbon enters the ocean water column from 
rivers and marine metabolic processes. A large fraction of 
DOC has a long ocean residence time (1–10 kyr), while other 
fractions are more short-lived (days to hundreds of years; Loh 

et al., 2004). The composition of dissolved organic matter is 
still largely unknown. 

In conjunction with the global ocean mixing or overturning 
time of the order of 1 kyr (Broecker and Peng, 1982), small 
changes in the large ocean carbon reservoir can induce 
significant changes in atmospheric CO2 concentration. 
Likewise, perturbations in the atmospheric pCO2 can be 
buffered by the ocean. Glacial-interglacial changes in the 
atmospheric CO2 content can potentially be attributed to a 
change in functioning of the marine carbon pump (see Chapter 
6). The key role for the timing of the anthropogenic carbon 
uptake by the ocean is played by the downward transport of 
surface water, with a high burden of anthropogenic carbon, 
into the ocean’s interior. The organic carbon cycle and the 
CaCO3 counter pump modulate, but do not dominate, the net 
marine uptake of anthropogenic carbon. 



N-S Section of Phosphate (PO4) in Atlantic Ocean



N-S Section of dissolved O2 in Atlantic Ocean



Redfield Ratio: 
!

C:N:P:-O2 = 106 : 16 : 1 : 165±15

Calculated on mol/mol basis!



Effect of carbon pumps on vertical distribution of DIC
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Killing of marine biota would rise atmospheric CO2 by about 200 ppm in equilibrium



Annual surface-atmosphere flux distribution: climatology

zone and especially in the zone north of 141N (Fig. 12C). The high
wind speeds induce not only intense upwelling in the western
Arabian Sea, but also cause high rates of sea–air gas exchange. The
southern temperate Indian Ocean also has higher wind speeds
than the southern Pacific and Atlantic, and hence higher Tr values
ranging between 0.05 in summer and 0.08 in winter. The mean
monthly values (area weighted) for the global ocean are nearly
constant around 0.05 g-Cmonth!1m!2matm!1 (Fig. 12D).

6.3. Global distribution of the net sea–air CO2 flux

The climatological mean sea–air CO2 flux in each box area for
each month is computed by multiplying monthly mean values for
Tr (Eq. (8)) and DpCO2 (Eq. (4)) in each box. Since no significant
correlation of individual DpCO2 values with 6-h mean wind speed
data is found in a single month, the product of monthly mean
values is considered as a valid approximation for the CO2 flux.
Over the polar regions, where sea-ice fields form seasonally, the
following assumptions are made for computing the sea–air CO2

flux. When the ice cover is less than 10%, a box area is assumed to
be all water. For ice covers between 10% and 90%, the flux is
assumed to be proportional to open water area. Since ice fields
have leads and polynyas due to dynamic motions of sea ice as
evidenced by ‘‘sea smoke’’, we accept the estimates by Saunders
and Ackley (personal communication) that 10% of fields is open
water at any given time even in areas where satellite observations
indicate 100% ice cover. The ice cover values used in this study are
based on the NCEP/DOE 2 Reanalysis data (2005) (provided by the
NOAA/OAR/ESRL PSD). The original data given in a Gaussian grid
for 1970–2005 are re-gridded to our 41"51 grid, and the ice cover
values in each pixel are averaged for each month (30.5 days).

6.3.1. Mean annual distribution
Fig. 13 shows the climatological mean annual sea–air CO2 flux

(g-Cm!2 y!1) for the reference year 2000, and Fig. 14 shows 41
zonal aggregates for the flux in the major ocean basins and the
global oceans. The annual fluxes in six climatic zones in each
ocean basin are summarized in Table 6. The equatorial Pacific is
the most prominent source area for atmospheric CO2 with a
seasonally persistent sea-to-air flux of 0.48 Pg-C y!1. Together
with the tropical Atlantic and Indian Oceans, the global tropical
oceans emit 0.69 Pg-C y!1 to the atmosphere. A belt of CO2 sink
zone is located in 20–501 latitudes in the both hemispheres
(Fig. 14). This is attributed primarily to strong winds between 401
and 501S, and the low pCO2 values produced along the subtropical
convergence zone, where the cooled subtropical gyre waters
with low pCO2 meet the subpolar waters with biologically-
lowered pCO2. Together, the mid-high latitude northern
(22–501N) and southern (22–501S) oceans constitute, respectively
a sink of !0.70 and !1.05 Pg-C y!1. A sink area (!0.27 Pg-C y!1) is
seen also in the North Atlantic north of 501N, including the Nordic
Seas and portion of the Arctic. This is attributed to strong
phytoplankton blooms in spring and strong cooling in winter.
The annual CO2 flux over the Southern Ocean seasonal ice
zone is small due to the ice cover that reduces sea–air gas
transfer in winter and by the cancellation of the seasonal source
and sink fluxes.

The mean annual sea–air CO2 flux values for the four major
ocean basins are compared in Table 6. While the Atlantic has only
23% of the global ocean area, it takes up 41% of the annual global
ocean flux of !1.42 Pg-C y!1. On the other hand, while the Pacific
has the largest area (47%), twice as large as the Atlantic, it takes up
only 33% of the global flux. This is due to the large CO2 source

ARTICLE IN PRESS

Fig. 13. Climatological mean annual sea–air CO2 flux (g-Cm!2 yr!1) for the reference year 2000 (non-El Niño conditions). The map is based on 3.0 million surface water
pCO2 measurements obtained since 1970. Wind speed data from the 1979–2005 NCEP-DOE AMIP-II Reanalysis (R-2) and the gas transfer coefficient with a scaling factor of
0.26 (Eq. (8)) are used. This yields a net global air-to-sea flux of 1.42 Pg-Cy!1.

T. Takahashi et al. / Deep-Sea Research II 56 (2009) 554–577 569

Takahashi et al., 2009



Seasonal changes in surface water pCO2

ARTICLE IN PRESS

Fig. 9. The monthly mean values for sea–air pCO2 differences in the global ocean. The values represent climatological mean for non-El Niño conditions adjusted to a reference
year 2000. Orange–yellow colors indicate positive DpCO2 (sea is a source for atmospheric CO2), green indicates near zero DpCO2, and cyan–blue colors indicate negative DpCO2

(sea is a CO2 sink). Heavy pink curves indicate the mean position for the northerly extent of 90% ice cover. Waters under the Southern Ocean ice-field have high positive DpCO2.
Whenever measurements are lacking for ice field waters, the values are estimated using the equation in Fig. 8. (For interpretation of the references to color in this figure legend,
the reader is referred to the web version of this article.).

T. Takahashi et al. / Deep-Sea Research II 56 (2009) 554–577566
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Fig. 9. The monthly mean values for sea–air pCO2 differences in the global ocean. The values represent climatological mean for non-El Niño conditions adjusted to a reference
year 2000. Orange–yellow colors indicate positive DpCO2 (sea is a source for atmospheric CO2), green indicates near zero DpCO2, and cyan–blue colors indicate negative DpCO2

(sea is a CO2 sink). Heavy pink curves indicate the mean position for the northerly extent of 90% ice cover. Waters under the Southern Ocean ice-field have high positive DpCO2.
Whenever measurements are lacking for ice field waters, the values are estimated using the equation in Fig. 8. (For interpretation of the references to color in this figure legend,
the reader is referred to the web version of this article.).

T. Takahashi et al. / Deep-Sea Research II 56 (2009) 554–577566

16ms!1) in the Southern Ocean, suggested a square dependence
of wind speed. Considering various studies including Wanninkhof
(1992), Nightingale et al. (2000) and Wanninkhof et al. (2004), we
choose a formulation: k (cmh!1) ¼ G (U10)

2 (Sc/660)!1/2, where
U10 is wind speed at 10m above sea surface, and Sc is Schmidt
number [ ¼ (kinematic viscosity of water)/(diffusion coefficient of
CO2 in water]. The value for a scaling factor, G, is evaluated
according to the following procedures.

Wanninkhof (1992) used 14CO2 as a diagnostic for sea–air CO2

gas transfer, and estimated the scaling factor, G, of 0.39 based on a
mean global wind speed of 7.4ms!1, and a mean gas invasion rate
of 21 cmh!1 derived from a simple box model to fit the global
ocean bomb-14C inventory of 2.89#1028 atoms that was esti-
mated by Broecker et al. (1985). In our previous publication
(Takahashi et al., 2002), this value for G was used. Improvements
in the wind speed and 14C data have resulted in smaller values for
G as reviewed by Wanninkhof (2007). Naegler et al. (2006)
pointed out that G depends on the 14C inventory and wind speed
field used, and that it must be evaluated for the same wind speed
data used for the CO2 flux calculations. Sweeney et al. (2007) have
further extended this approach and inverted bomb-14C data for
ocean waters using three Ocean General Circulation Models, in
which the global oceans are divided into 29 discrete surface areas.
By their method, the time-space distribution of 14C in surface
waters, hence the gas transfer rates, is taken into account. To
simplify computations, they assumed that the flux into each of the
29 areas has a time history proportional to the observed 14C values
in the atmosphere. Assuming a quadratic dependence of piston
velocity on wind speed, they obtained a G value of 0.27 (for long-
time average) using the 1954–2000 NCEP Reanalysis-I wind
speeds (Kalnay et al., 1996) over the ice-free global oceans and
the bomb-14C inventory of 3.4370.40#1028 14C atoms as of 1994.
This formulation yields not only piston velocity values consistent
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Fig. 10. The monthly mean values for sea-air pCO2 differences in the four major ocean basins: (A) Atlantic, (B) Pacific, (C) Indian, (D) Southern and Global Oceans. Average
values in each climatic zone are plotted against month (1 ¼ January, 2 ¼ February, y, 12 ¼ December and 13 ¼ January). The zones ‘‘50S–62S’’ and ‘‘S of 62S’’ in the
Southern Ocean represent, respectively the open water zone and the seasonal ice zone.

Fig. 11. Difference maps for the surface water pCO2 values for this study and
Takahashi et al. (2002): (A) February and (B) August. In order to make the results of
these two studies comparable, the 2002 values, which were normalized to a
reference year 1995, are corrected by adding 7.5matm ( ¼ 1.5matmy!1#5y) to
adjust to the reference year 2000 used for this study.

T. Takahashi et al. / Deep-Sea Research II 56 (2009) 554–577 567

In total, about 125,000 measurements taken in
2005 have gone into this study. Figure 2B shows
the locations of observations divided into 2-month
periods, to indicate temporal coverage through
2005 (15).

To estimate basinwide fluxes, we constructed
maps of sea-surface fCO2 across the region and
through time, by the method of developing
relationships between the observed fCO2 and
independent variables, for which data products

were available covering the entire domain. The
variables chosen were sea surface temperature
(SST) and mixed layer depth (MLD) (15). To
obtain a data set of matched parameters from
which to begin mappings, these fields were
averaged or interpolated onto a 1° by 1° by once-
per-day grid, and matched with fCO2 measure-
ments binned to the same grid, wherever they
existed. Observations taken over shelf or shelf-
break waters (water depth < 1000 m) were ex-
cluded. The rationale for the choice of SST and
MLD is that fCO2 is strongly influenced by
temperature change and mixing with subsur-
face waters, which should be well captured by
these variables. Satellite-derived chlorophyll was
also initially included (as a proxy for biolog-
ical activity), but it was found to be of limited
utility in predicting fCO2 and was finally dropped
from the analysis. Two different mapping tech-
niques were tested, one based on conventional
multivariate linear regressions (MLR) applied
after dividing the domain into subregions, and
the other based on a self-organizing map (17)
covering the entire spatial domain and year
with a single map (15).

Fluxes were calculated from the mappings
using the gas exchange equation F = KaDfCO2.
Here, DfCO2 = fCO2surface – fCO2atm is the dif-
ference between sea-surface and atmospheric
fCO2, K is the gas transfer velocity (parame-
terized as a function of wind speed and temper-
ature), and a is the solubility of CO2 in the surface
seawater. This approach has historically suffered
from a lack of agreement between parameter-
izations of K derived from in situ measurements
and those calibrated for agreement with the global
bomb-derived 14C budget. However, recent re-
analysis of the 14C budget has largely resolved
these discrepancies (18, 19), leading to increased
confidence in estimates of CO2 fluxes by this
method. Parameterization of K used National
Centers for Environmental Prediction/National
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Fig. 2. (A) Location of regular VOS routes supplying data to the Carbo-Ocean network in 2005. Also
shown are the locations of time series stations (B, Bermuda Atlantic time series station; E, European
station for time series in the ocean, Canary Islands). (B) Post-plot of data binned into 2-month intervals
through the year 2005.

Table 1. Integrated net ocean-to-atmosphere flux (10° to 65°N) across the North Atlantic in 2005.
Values in the table are normalized to an area of 3.1 by 1013 m2 for comparison (15). PCO2, partial
pressure of CO2.

Method of interpolation Value (Pg C year−1) Area average (mol m−2 year−1)
MLR in 10° latitude bands –0.274 –0.737
MLR in 20° latitude bands –0.251 –0.675
MLR in 30° latitude bands –0.246 –0.661
Self-organizing mapping –0.238 –0.640
Mean –0.252 –0.677
Standard deviation 0.015 (6.1%) 0.040
Using 1995 climatological DPCO2 values* –0.340 –0.914
Using 2000 climatological DPCO2 values* –0.300 –0.806
*Estimates made using climatological maps of ocean-atmosphere CO2 gradient, which are based on analysis of observations
spanning many decades, adjusted to 1995 or 2000 using assumptions described by Takahashi et al. (14, 23). These flux
estimates used identical gas transfer velocities (e.g., calculated using 2005 winds and temperatures) to the upper rows, so that
the differences are due to the different DfCO2 fields only. For methodological reasons (14), the 1995 climatological value may
have overestimated the magnitude of the flux into regions north of 45°N. Both climatological estimates are based on
compilations of data collected over decades and are therefore not precise estimates for a given year.
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North Atlantic sink vs time



Ocean uptake of anthropogenic 
excess CO2



Inventories 
Global:  
    118 PgC 
North Atlantic:  
    27 PgC 
!
Estimated uptake rates  
(1980-2000):  
Global:  
    1.85 PgC yr-1 
North Atlantc:  
    0.42 PgC yr-1

Observed anthropogenic CO2 inventory in word ocean 
(~ mid 1990s)ANRV399-MA02-07 ARI 13 November 2009 17:30
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Figure 1
Global map of column Cant (anthropogenic carbon) as given by Sabine et al. (2004a) based on the !C∗

calculation method of Gruber et al. (1996). Adapted from Sabine et al. (2004a).

in storage. The primary reason for these differences is because of the slow mixing time in the
ocean interior and the fact that waters only move into the deep ocean in a few locations. The
highest inventories are found in the locations where mode and intermediate waters are moving
anthropogenic CO2 into the ocean interior (e.g., the northern North Atlantic or in the Southern
Hemisphere associated with the Subtropical Convergence Zone at 40–50◦S; Figure 1).

These estimates of ocean Cant have been used to evaluate models (Orr et al. 2001, Matsumoto
et al. 2004) and to infer air-sea fluxes of CO2 (Gloor et al. 2003, Mikaloff-Fletcher et al. 2006).
However, there are many uncertainties in the !C∗ method. Different implementations of the
method can yield different results (e.g., Wanninkhof et al. 1999, Lo Monaco et al. 2005b) and there
are potential biases due to the assumptions of a single ventilation time, constant disequilibrium,
and constant Redfield ratios (Hall et al. 2004, Matsumoto & Gruber 2005).

Waugh et al. (2006) also used the GLODAP data set to estimate the global Cant inventory
using the TTD method (Figure 2a). The estimated total inventory in 1994 was 134 Pg C. To
evaluate uncertainties in the TTD method, Waugh et al. applied the approach to output from
an ocean general circulation model (OGCM) and compared the results to the directly simulated
Cant. Outside of the Southern Ocean the predicted Cant closely matched the directly simulated
distribution, but in the Southern Ocean the TTD concentrations were biased high. This bias
could be due to the TTD assumption of constant disequilibrium and also possibly due to short
residence times of Southern Ocean waters, which would accentuate the different equilibration
times for CO2 (∼1 year) and the CFCs (∼1 week) used for the TTD estimates. The net result
was a TTD overestimate of the global inventory by about 20%. Accounting for this bias and
other uncertainties, an inventory range of 94–121 Pg C was given by Waugh et al. (2006). This
agrees with the inventory of Sabine et al. (2004a). There were, however, differences in the spatial
distributions (Figure 2b). The TTD estimates generally gave much higher inventories in the
Southern Ocean as previously noted, but there are also differences such as higher inventories in
the North Atlantic Deep Water (Figure 2b). The TTD estimates also generally had smaller Cant
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Vertical S-N sections of  
anthropogenic CO2

Sabine et al., 2004

because of the substantially higher vertically
integrated concentrations and the large ocean
area in these latitude bands (Fig. 1, table S1).
About 60% of the total oceanic anthropogen-
ic CO2 inventory is stored in the Southern
Hemisphere oceans, roughly in proportion to
the larger ocean area of this hemisphere.

Figure 2 shows the anthropogenic CO2

distributions along representative meridi-
onal sections in the Atlantic, Pacific, and
Indian oceans for the mid-1990s. Because
anthropogenic CO2 invades the ocean by
gas exchange across the air-sea interface,
the highest concentrations of anthropogenic
CO2 are found in near-surface waters.
Away from deep water formation regions,
the time scales for mixing of near-surface
waters downward into the deep ocean can
be centuries, and as of the mid-1990s, the

anthropogenic CO2 concentration in most
of the deep ocean remained below the de-
tection limit for the !C* technique.

Variations in surface concentrations are re-
lated to the length of time that the waters have
been exposed to the atmosphere and to the
buffer capacity, or Revelle factor, for seawater
(12, 13). This factor describes how the partial
pressure of CO2 in seawater (PCO2) changes for
a given change in DIC. Its value is proportional
to the ratio between DIC and alkalinity, where
the latter term describes the oceanic charge
balance. Low Revelle factors are generally
found in the warm tropical and subtropical wa-
ters, and high Revelle factors are found in the
cold high latitude waters (Fig. 3). The capacity
for ocean waters to take up anthropogenic CO2

from the atmosphere is inversely proportional
to the value of the Revelle factor; hence, the

lower the Revelle factor, the higher the oceanic
equilibrium concentration of anthropogenic
CO2 for a given atmospheric CO2 perturbation.
The highest anthropogenic CO2 concentrations
("60 #mol kg$1) are found in the subtropical
Atlantic surface waters because of the low Rev-
elle factors in that region. By contrast, the near-
surface waters of the North Pacific have a high-
er Revelle factor at comparable latitudes and
consequently lower anthropogenic CO2 con-
centrations primarily because North Pacific al-
kalinity values are as much as 100 #mol kg$1

lower than those in the North Atlantic (Fig. 3).
About 30% of the anthropogenic CO2 is

found at depths shallower than 200 m and
nearly 50% at depths above 400 m. The
global average depth of the 5 #mol kg$1

contour is "1000 m. The majority of the
anthropogenic CO2 in the ocean is, therefore,
confined to the thermocline, i.e., the region of
the upper ocean where temperature changes
rapidly with depth. Variations in the penetra-
tion depth of anthropogenic CO2 are deter-
mined by how rapidly the anthropogenic CO2

that has accumulated in the near-surface wa-
ters is transported into the ocean interior. This
transport occurs primarily along surfaces of
constant density called isopycnal surfaces.

The deepest penetrations are associated
with convergence zones at temperate lati-
tudes where water that has recently been in
contact with the atmosphere can be transport-
ed into the ocean interior. The isopycnal sur-
faces in these regions tend to be thick and
inclined, providing a pathway for the move-
ment of anthropogenic CO2-laden waters into
the ocean interior. Low vertical penetration is
generally observed in regions of upwelling,
such as the Equatorial Pacific, where inter-
mediate-depth waters, low in anthropogenic
CO2, are transported toward the surface. The
isopycnal layers in the tropical thermocline
tend to be shallow and thin, minimizing the
movement of anthropogenic CO2-laden wa-
ters into the ocean interior.

Figure 4A shows the distribution of an-
thropogenic CO2 on a relatively shallow
isopycnal surface (see depths in Fig. 2) with
a potential density (%&) of 26.0. About 20%
of the anthropogenic CO2 is stored in waters
with potential densities equal to or less than
that of this surface. The highest concentra-
tions are generally found closest to where this
density intersects the surface, an area referred
to as the outcrop. Concentrations decrease
away from these outcrops in the Indian and
Pacific oceans, primarily reflecting the aging of
these waters, i.e., these waters were exposed to
lower atmospheric CO2 concentrations when
they were last in contact with the atmosphere.
The Atlantic waters do not show this trend
because the 26.0 %& surface is much shallower
and therefore relatively well connected to the
ventilated surface waters throughout most of
the Atlantic (Figs. 2A and 4A).

Fig. 2. Representative sections of anthropogenic CO2 (#mol kg
$1) from (A) the Atlantic, (B) Pacific, and

Indian (C) oceans. Gray hatched regions and numbers indicate distribution of intermediate water masses
(and North Atlantic DeepWater) on the given section and the total inventory of anthropogenic CO2 (Pg
C) within these water masses. The southern water masses in each ocean represent Antarctic Interme-
diate Water. The northern water masses represent the North Atlantic Deep Water (A), North Pacific
Intermediate Water (B), and Red Sea/Persian Gulf Intermediate Water (C). The two bold lines in each
panel give the potential density [%& ' (density – 1) ( 1000] contours for the surfaces shown in Fig. 4.
Insets show maps of the cruise tracks used. Note that the depth scale for (A) is twice that of the other
figures, reflecting the deeper penetration in the North Atlantic.
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A simple ocean carbon cycle 
model



A simple ocean carbon cycle model

1



Basics

1 box model representing the upper ocean; index m
denotes quantities of this box.

The carbon balance of this box is given by

Aoch
dCm

dt
= Soc (1)

where Soc denotes the ocean sink (= carbon source for
the ocean box). Aoc denotes the ocean surface, h the
depth of the box and Cm the carbon concentration (=
DIC concentration).

Using the gas exchange formulation this can be written
as

Aoch
dCm

dt
= Aockex{Pa � Pm(Cm)} (2)

where kex is the gas exchange coe�cient, and Pa and
Pm the partial pressures of CO2 in the atmosphere and
in the ocean box, respectively.

2



Chemistry

Pm(Cm) is a non-linear function of DIC in the ocean
box, but also depends on temperature (and salinity
- ignored here). We linearize this function around a
reference DIC concentration Cm,0 taken as the prein-
dustrial equilibrium value (hence Pm(Cm,0) = Pa,0):

Pm = Pm,0 +
⇥Pm

⇥Cm
(Cm � Cm,0) +

⇥Pm

⇥T
(T � T0) (3)

Using the definition of the bu�er factor � we can
rewrite this as:

Pm = Pm,0 + �
Pm,0

Cm,0
(Cm � Cm,0) +

⇥Pm

⇥T
(T � T0) (4)

Typical values for the bu�er factor are � ⇥ 10 (on
global average) and for the temperature sensitivity of
the ocean partial CO2 pressure are ⇥Pm

⇥T
⇥ 8�12ppm/K.

3



Equation for ocean box

Inserting equation (4) into the carbon balance equa-
tion of the ocean box and using the abbreviations:

⇥a =
Pa � Pa,0

Pa,0
(5)

⇥m =
Cm � Cm,0

Cm,0
(6)

� =
⇧Pm

⇧T
(7)

we can re-express it as

⇥̇m =
AockexPa,0

AochCm,0

⇢
⇥a � ⇤⇥m �

�

Pm,0
(T � T0)

�
(8)

The first term on the right is the preindustrial air-
sea flux divided by the preindustrial carbon content of
the ocean box, which is simply the reciprocal of the
carbon turnover time in the ocean box (= ⌅m). Hence
the balance equation in this notation becomes:

⌅m⇥̇m + ⇤⇥m = ⇥a �
�

Pm,0
(T � T0) (9)

It is easy to see that the time for the ocean box carbon
content to adjust to a change in the forcing by either
⇥a or T is given by

tm,adjust =
⌅m

⇤
(10)

4



Questions

1. What is the adjustment time for a global mixed
layer of depth h = 75m?

2. What is the adjustment time for an ocean box
of depth h = 500m? for the whole ocean (h =
3800m)?

3. What is the depth of the ocean box if the ocean
sink in the year 2000 is supposed to be 2 PgC
yr�1? (Assume an exponential growth of P

a

with
time constant of 50 years, a bu↵er factor of 10,
and an atmospheric CO2 concentration of 365
ppm in 2000).

4. What would be the ocean sink in the year 2000 if
the ocean were not salty?

5. Take the scenario in problem 3, but assume now
that the ocean warms exponentially, assuming a
warming of 0.5K in 2000: how much would the
CO2 sink be reduced?

6. Expand the scenario of problems 3 and 5 to the
year 2100 (exponential growth): what would be
the atmospheric CO2 concentration? What would
be the ocean sink without and with ocean warm-
ing?

5



Atmospheric CO2 history from ice cores and 
direct measurements
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Ocean sink, calculated with simple model 
and atmospheric CO2 concentration history
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Global ocean sink trend: 
Comparison with more sophisticated model 

simulations
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Transient changes, trends and 
circulation change impacts



Interannual variability of atmosphere-ocean fluxes in 
North Atlantic ocean

Tracking the Variable North Atlantic
Sink for Atmospheric CO2
Andrew J. Watson,1* Ute Schuster,1 Dorothee C. E. Bakker,1 Nicholas R. Bates,2
Antoine Corbière,3 Melchor González-Dávila,4 Tobias Friedrich,5 Judith Hauck,1†
Christoph Heinze,6 Truls Johannessen,6 Arne Körtzinger,5 Nicolas Metzl,3 Jon Olafsson,7
Are Olsen,6,8 Andreas Oschlies,5 X. Antonio Padin,9 Benjamin Pfeil,6
J. Magdalena Santana-Casiano,4 Tobias Steinhoff,5 Maciej Telszewski,1 Aida F. Rios,9
Douglas W. R. Wallace,5 Rik Wanninkhof10

The oceans are a major sink for atmospheric carbon dioxide (CO2). Historically, observations have
been too sparse to allow accurate tracking of changes in rates of CO2 uptake over ocean basins,
so little is known about how these vary. Here, we show observations indicating substantial
variability in the CO2 uptake by the North Atlantic on time scales of a few years. Further, we use
measurements from a coordinated network of instrumented commercial ships to define the
annual flux into the North Atlantic, for the year 2005, to a precision of about 10%. This approach
offers the prospect of accurately monitoring the changing ocean CO2 sink for those ocean
basins that are well covered by shipping routes.

The natural sinks for atmospheric carbon
dioxide have been of great importance in
slowing the rate of anthropogenic climate

change. Currently, humans emit ~8.5 Pg C year−1

from fossil fuel and cement production, with
another ~1.5 Pg C year−1 produced by land use
change (1). However, the net increase of the
atmospheric concentration is only about half
what it would be if all this CO2 remained in the
atmosphere. The remainder is taken up by land
vegetation and the ocean in roughly equal mea-
sure, as evidenced by simultaneous observations
of atmospheric oxygen and CO2 (2). The ocean
uptake of anthropogenically produced CO2 is
reducing the pH of surface waters, an acidifica-
tion that is expected to have appreciable effects
on the marine biota over this century (3).

Both ocean and land uptake is variable in
space and time. Estimates of the magnitude and
causes of temporal variations averaged over
large areas have come from atmospheric obser-
vations in inverse models (4–6) and from ocean
carbon models (7, 8). The atmospheric inver-

sions suggest that ocean regions such as the
North Atlantic and Pacific, as well as conti-
nental land regions, exhibit variations in their
annual fluxes that are a substantial fraction of
their means. Ocean carbon cycle models usually
suggest much smaller yearly and decadal changes
(7), so it is not clear how much the ocean sinks
actually vary. Neither is it clear whether the over-
all ocean sink is increasing or decreasing: Most
models suggest that it should increase with time
as atmospheric CO2 continues to grow, but re-
cent studies have suggested a “saturation” of the
sink in the Southern Ocean (5). For the North
Atlantic, observations suggest a decrease dating
from ~1990 (9), especially between 1995–1996
and 2002–2005 (10). It has been suggested that
such variation is linked to the dominant climate
mode over the region, the North Atlantic Oscil-
lation (NAO) (8, 10), but the heterogeneous

pattern of CO2 in the surface ocean has made
it difficult to unambiguously identify the nature
of this connection. Ocean models forced with
atmospheric variation are able to reproduce some
of the observational trends, although usually at
lower amplitude, and suggest complex patterns
of variability within the basins (8).

Although the actual air-sea flux of CO2 is
difficult to measure directly, observations of sea-
surface fugacity of CO2 (fCO2) can be used to
infer it. In recent years, volunteer observing ships
(VOS) plying regular routes have been instru-
mented to make such measurements, and there
has been a rapid increase in the quantity of data
available (10–14). Figure 1 presents annual flux
estimates for the longest-running VOS, for the
period 2002 to 2007, between northwestern Eu-
rope and the Caribbean [for details of flux cal-
culations, see (10), modified as we describe in
(15)]. A substantial variation in the annual fluxes
is seen, more than a factor of two over this time
period. The observations show decadal rather than
interannual variability, with the flux rising and fall-
ing over several years. The variation is presumably
climatically forced (8, 16), although a relationship
with the NAO is not immediately obvious.

The North Atlantic and Pacific are well cov-
ered by shipping, and networks of VOS in these
oceans might form the backbone of an observ-
ing system to continuously monitor the air-sea
exchange of carbon dioxide. In 2005, a trial of
such a network in the North Atlantic was ini-
tiated under CarboOcean, a European Union–
funded project, and here we use a year of ob-
servations to map the air-sea flux of the region
and to evaluate the performance of the network.
Figure 2A shows the location of the observa-
tions in 2005 on which our evaluation is based.
These include VOS routes established specifi-
cally for the project (e.g., 1 and 4) and other routes
and time series stations of longer establishment.

1School of Environmental Sciences, University of East Anglia,
Norwich NR4 7TJ, UK. 2Bermuda Biological Station for Research,
Ferry Reach, GE01, Bermuda. 3Laboratoire d’Océanographie
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Norway. 7Marine Research Institute and University of Iceland,
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Fig. 1. Annual sea-air fluxes of CO2 calculated from data on a shipping route between the United
Kingdom and the Caribbean. Details of the data collection and the methods of calculating averages
and fluxes are given in (10), modified as we describe in (15). (A) Mosaic of 5° by 5° tiles in which
data coverage of the UK-Caribbean route is sufficient to calculate annual fluxes over the years
2002 to 2007. (B) Annual average fluxes for the enclosed area. The fluxes are negative (e.g., from
air to sea), not only for the region as a whole but for every individual tile within it. Fluxes
calculated using “climatological” values of air-sea fCO2 gradient in this region, referenced to 2000
(14) or 1995 (23), are also indicated. Although these may be indicative of fluxes at these earlier
times, they are not strictly applicable to any given year.
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Saturation of the 
Southern Ocean CO2 

uptake?

LeQuéré et al., Science, 2007
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Figure 1: Schematic view of the impact of increased winds on the CO2 sink in
the Southern ocean. The three panels represents conditions in the present ocean
(left), under very high atmospheric CO2 (middle; see text for the details), and
more than 100 years after the CO2 emissions cease (right). C is the concentration
of carbon in the surface and deep ocean in units of µmol kg−1, whereas δC is
the increase in carbon content of the ocean from human CO2 emissions. The
observed concentrations are from Key et al. [2004] South of 45◦S.

27 July 2007.
C. Le Quéré, C. Rödenbeck, E.T. Buitenhuis, T. J. Conway, R. Langenfelds, A.
Gomez, C. Labuschagne, M. Ramonet, T. Nakazawa, N. Metzl, and N. Gillett,
M. Heimann
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Evolution of oceanic sinks over the last 50 years: 
Model simulations

J. L. Sarmiento et al.: Trends and regional distributions of land and ocean carbon sinks 2353
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Fig. 1. Monthly deseasonalized carbon fluxes in PgC yr�1. (a) Fossil fuel emissions and annual atmospheric growth rate calculated with
Mauna Loa data (see Appendix A for data sources and methods). Major volcanic eruptions and ENSO events are identified by their dates.
(b)Net atmosphere-ocean fluxes of CO2 as simulated by ocean models. The solid black line labeled Mikaloff Fletcher et al. (2006) represents
the expected temporal evolution of the ocean uptake if there is no change in ocean circulation and transport. By construction, this goes through
our best data and model based estimates of ocean CO2 uptake of⇤2.2±0.2 PgC yr�1 for the 1990s and early 2000s (cf. Gruber et al., 2009).
The Le Quéré et al. (2007), Lovenduski et al. (2008), Rodgers et al. (2008) and Wetzel et al. (2005) results are from ocean “hindcast”
simulations, where an ocean carbon cycle model is forced with re-analyzed variations of wind, and freshwater and heat fluxes over the last
few decades. The Le Quéré et al., Rodgers et al., and the Lovenduski et al. simulations all overlap the Mikaloff Fletcher et al. result during
the 1990s. The Wetzel et al. ocean carbon sink estimate is somewhat on the low side, though its behavior in time, which is the aspect of these
models that we emphasize in the discussion, is similar to that of the others. (c) Net atmosphere-land fluxes of CO2 estimated by subtracting
three model estimates of the ocean sink from panel (b) and the atmospheric CO2 growth rate from panel (a) from the fossil fuel emissions
shown in panel (a). The smooth lines are from a Butterworth filter with a five year smoothing time scale.
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are limited, but some regions exist for which his-
torical data can be augmented with data from
recent survey programs to construct relatively
long, quasi-continuous oxygen time series.

We constructed and analyzed oxygen time
series in some select areas of the tropical oceans
(Fig. 1), using quality-controlled historical data
from the HydroBase 2 database (13) and more
recently measured oxygen profiles. Only oxy-
gen data collected since 1960 were used because
older oxygen data are rare and the net effect of
changes in the observation system on our ability
to document real ocean variability is not well
understood. Unfortunately, even after 1960 oxy-
gen data in most tropical regions are too sparse
to construct useful time series, because in the
past most oxygen profiles were collected almost
exclusively from ships dedicated to oceanograph-
ic research. Recently, a small fraction of the 3000
Argo freely drifting floats that report vertical
profiles of temperature and salinity over the up-
per 2000 m of the ocean via satellite at 10-day
intervals (14) have been equipped with oxygen
sensors. These floats provide valuable oxygen
profiles (15) that were used to expand our time
series through 2007 in the tropical Atlantic.

Reductions in observed minimum oxygen
concentrations and vertical expansion of the OMZ
since 1960 are apparent in three areas of the
tropical Atlantic Ocean (Fig. 2). In the oxygen-
poor region of the tropical North Atlantic (Fig. 1;
10° to 14°N, 20° to 30°W), a time series of his-
torical data was augmented with data from me-
ridional hydrographic sections nominally along
29°W in July 2003 and 23°W in July 2006 (Fig.
2A). No seasonal signal is present in this area

(16). In the OMZ, core oxygen values decline
and the OMZ expands vertically with time. The
vertical extent of the layer with oxygen con-
centrations of <90 mmol kg−1 increased 85%,
from a thickness of 370 m in 1960 to 690 m in
2006. In the near-equatorial Atlantic Ocean,
oxygen values are higher to both the north and
south (Fig. 1) because of the eastward trans-
port of relatively oxygen-rich water within the
complicated tropical current system (17). The
relatively oxygen-rich water in the Atlantic
Central Water originates from the poleward side
of the subtropical gyre. Historical data, hydro-
casts from three repeat sections along 23°W since
2000, and two recent profiles from an Argo float
allowed construction of a time series (Fig. 2B) in
the central equatorial Atlantic (Fig. 1; 3°S to 3°N,
18° to 28°W). This time series also shows some
indication of a reduced concentration at the
vertical oxygen minimum over time and a
vertical expansion of the oxygen-poor OMZ.
Similarly, a tropical South Atlantic (Fig. 1; 14°
to 8°S, 4° to 12°E) time series (Fig. 2C) also
shows a vertical expansion of the OMZ;
although there are long gaps after the late
1980s, and no data between 2001 and 2007, a
recent preliminary calibrated oxygen profile taken
at 9°S, 8°E in March 2008 is consistent with the
trend of an oxygen decline.

The OMZ in the tropical North and South
Pacific Oceans reaches suboxic (and, in the
most oxygen-poor regions, nearly anoxic) levels
(Fig. 1), so detecting changes in minimum val-
ues there is difficult. Furthermore, data in the
most oxygen-poor regions are too sparse to al-
low the construction of quasi-continuous time

series. However, as in the Atlantic Ocean, Pacific
equatorial currents carry relatively oxygen-rich
water eastward toward the most oxygen-poor
regions of the OMZ in both hemispheres. His-
torical hydrographic data in the eastern equato-
rial Pacific Ocean (Fig. 1; 5°S to 5°N, 105° to
115°W), augmented with data collected during
some recent Tropical Atmosphere Ocean project
mooring maintenance cruises along 110°W,
constitute a time series (Fig. 2D) that reveals a
vertical expansion of the OMZ. However, a
depth-integrated oxygen trend there is not
statistically significantly different from zero
when a stringent 95% confidence criterion is
used (Table 1). Slightly higher values from 1980
to 1990 may be caused by sample locations
biased toward the equator, where more oxygen-
rich waters are advected eastward from the
west. In the central equatorial Pacific (Fig. 1;
5°S to 5°N, 165° to 175°W), oxygen concen-
trations within the OMZ are more variable (Fig.
2E). Nevertheless, the OMZ thickness expands
over the duration of the time series. This vertical
expansion with time is not closely related to a
temperature increase; in both areas of the
equatorial Pacific, the temperature in the 300-
to 700-m layer slightly decreases, as does the
oxygen content (Table 1).

In the Indian Ocean, the lowest oxygen val-
ues in the OMZ are not located in the eastern
tropics as they are in the Atlantic and Pacific
Oceans, but to the north in the Arabian Sea and
the Bay of Bengal (Fig. 1). In addition, minimum
oxygen concentrations within the Indian Ocean
OMZ are generally deeper (near 800 m) than in
the other two oceans. In the northern Indian
Ocean OMZ, sources and sinks of oxygen are
nearly in apparent balance; circulation there
appears relatively stagnant, with detritus falling
from the highly productive waters above and
rapidly depleting oxygen below. As in the east-
ern tropical Pacific Ocean, oxygen values in the
northern Indian Ocean OMZ are suboxic, and
the sparse data distributions in the most oxygen-
poor regions preclude the construction of long
quasi-continuous time series there. However, the
recent occupation of a meridional section nomi-
nally along 95°E made possible the construction
of an eastern equatorial Indian Ocean time series
(Fig. 1; 5°S to 0°, 90° to 98°E), despite gaps in
data since the mid-1980s (Fig. 2F). Unlike the
other time series presented here, there is neither
an obvious increase of the vertical extent of the
OMZ nor a visible decrease in oxygen mini-
mum values. Statistics of the layer at a depth of
300 to 700 m reveal a weak oxygen decrease
not different from zero at 95% confidence
(Table 1). Time series from the early 1960s to
the late 1990s (not shown) in the western equa-
torial Indian Ocean, the Arabian Sea, and the
Bay of Bengal show similar constancy in the
tropical Indian Ocean OMZ. Collectively, these
results suggest that over the past few decades
there has been no substantial change in the trop-
ical Indian Ocean OMZ.

Fig. 1. Climatological mean (18) dissolved oxygen concentrations (mmol kg−1 shown in color) at 400 m
depth contoured at 20-mmol-kg−1 intervals from 10 to 230 mmol kg−1 (black lines) using Ocean Data
View (19) software. Analyzed areas (A to F, Table 1, and Fig. 2) are enclosed by black boxes.
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Decreasing trend in subsurface ocean O2 in the 
eastern tropical North Atlantic  

As an auxiliary benefit, the constancy of
OMZ characteristics in the Indian Ocean time
series suggests that the changes observed in the
tropical Atlantic and Pacific Ocean OMZ char-
acteristics are not based on changes in observa-

tion techniques. This concern was also tested in
the oxygen-rich deep-water formation region of
the Labrador Sea, for which a very well-sampled
time series can be constructed from 1960 to the
present. There, no trend toward lower oxygen val-

ues is apparent, supporting the claim that oceanic
oxygenmeasurements taken over the past 50 years
are not subject to large observational biases that
may produce spurious temporal trends.

The tropical ocean OMZs in the central and
eastern tropical Atlantic and equatorial Pacific
Oceans appear to have expanded and intensified
during the past 50 years. Despite the sparseness of
observations, the time series used show that the
decline in oxygen content has been most intense in
the tropical Atlantic, where at present hypoxic
regions are small as compared with the Pacific and
Indian Oceans. For these reasons, the Atlantic may
also have the most potential for large increases in
the area of hypoxic regions.

The observational analysis presented here sup-
ports climate model predictions of dissolved
oxygen declines in the tropical ocean (7, 8) and
an expansion of the tropical OMZs due to a con-
tribution of thermal, dynamical, and biogeochem-
ical factors (8). The observed oxygen declines
reported here of 0.09 to 0.34 mmol kg−1year−1 for
300- to 700-m depths (Table 1) are somewhat
smaller than those reported in the North Pacific
(11) at 100 to 400 m. Together, these trends affect
carbon and nitrogen cycles, with fundamental
implications for marine ecosystems and thereby
fisheries resource management issues. Given
climate model projections, and the geological
record that indicates times of widely distributed
suboxic regions, sustained global oceanmeasure-
ments of dissolved oxygen concentrations are
needed (for instance, by equipping more Argo
floats with well-calibrated dissolved oxygen
sensors) to more closely monitor variations in
the strength and extent of the OMZ.
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Fig. 2. Dissolved oxygen concentration (mmol kg−1 shown in color) maps (20, 21) versus time (1960–
2008) and pressure (1 dbar ~ 1 m) with sample locations (white dots). (A) The eastern tropical North
Atlantic (10° to 14°N, 20° to 30°W), contoured at 90 mmol kg−1 (thick white line). (B) The central
equatorial Atlantic (3°S to 3°N, 28° to 18°W), contoured at 120 mmol kg−1 (thick white line). (C) The
eastern tropical South Atlantic at (14° to 8°S, 4° to 12°E), contoured at 60mmol kg−1 (thick white line).
(D) The eastern equatorial Pacific Ocean (5°S to 5°N, 105° to 115°W), contoured at 60 mmol kg−1 (thick
white line). (E) The central equatorial Pacific Ocean (5°S to 5°N 165° to 175°W), contoured at 90 and
120 mmol kg−1 (thick white lines). (F) The eastern equatorial Indian Ocean (5°S to 0, 90° to 98°E),
contoured at 60 mmol kg−1 (thick white line).

Table 1. Linear trends of temperature and oxygen with 95% confidence intervals (22) since 1960
in a 300- to 700-m layer for select ocean areas, and integrated oxygen loss, assuming a nominal
density of 1027.2 kg m−3.

Ocean areas (Fig. 1) Temperature trend
(°C year−1)

Oxygen trend
(mmol kg−1 year−1)

Integrated oxygen loss
(mmol m2 year−1)

Area A +0.009 ± 0.008 –0.34 ± 0.13 136
Area B +0.005 ± 0.008 –0.19 ± 0.12 74
Area C +0.002 ± 0.011 –0.17 ± 0.11 74
Area D –0.001 ± 0.009 –0.13 ± 0.32 49
Area E –0.010 ± 0.008 –0.19 ± 0.20 74
Area F +0.005 ± 0.007 –0.09 ± 0.21 37
N. Pacific, 100

to 400 m depth (11)
+0.005 to +0.012 –0.39 to –0.70 165
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Coupled carbon cycle climate model simulations

UMD) simulate a sink/source transition for the land
carbon flux. The source arising in the UMD simulation
is mainly due to the fact that this model already simu-
lates a very weak land carbon uptake in the uncoupled

simulation (uptake of 0.3 GtC yr!1 for the 1990s and 1
GtC yr!1 by 2100). These two models are also the ones
that simulate the larger atmospheric CO2 concentration
by 2100, as the land is a source of CO2 at that time. This

FIG. 1. (a) Atmospheric CO2 for the coupled simulations (ppm) as simulated by the HadCM3LC (solid black),
IPSL-CM2C (solid red), IPSL-CM4-LOOP (solid yellow), CSM-1 (solid green), MPI (solid dark blue), LLNL
(solid light blue), FRCGC (solid purple), UMD (dash black), UVic-2.7 (dash red), CLIMBER (dash green), and
BERN-CC (dash blue). (b) Atmospheric CO2 difference between the coupled and uncoupled simulations (ppm).
(c) Land carbon fluxes for the coupled runs (GtC yr!1). (d) Differences between coupled and uncoupled land
carbon fluxes (GtC yr!1). (e), (f) Same as (c), (d), respectively, for the ocean carbon fluxes.
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